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Abstract

Iron isotopes have been widely applied to investigate the redox evolution of Earth’s surface environments. However, it is
still unclear whether iron cycling in the water column or during diagenesis represents the major control on the iron isotope
composition of sediments and sedimentary rocks. Interpretation of isotopic data in terms of oceanic redox conditions is only
possible if water column processes dominate the isotopic composition, whereas redox interpretations are less straightforward
if diagenetic iron cycling controls the isotopic composition. In the latter scenario, iron isotope data is more directly related to
microbial processes such as dissimilatory iron reduction. Here we present bulk rock iron isotope data from late Proterozoic
marine shales from Svalbard, northwestern Canada, and Siberia, to better understand the controls on iron isotope fraction-
ation in late Proterozoic marine environments. Bulk shales span a d56Fe range from �0.45‰ to +1.04‰. Although d56Fe val-
ues show significant variation within individual stratigraphic units, their mean value is closer to that of bulk crust and
hydrothermal iron in samples post-dating the ca. 717–660 Ma Sturtian glaciation compared to older samples. After correcting
for the highly reactive iron content in our samples based on iron speciation data, more than 90% of the calculated d56Fe com-
positions of highly reactive iron falls in the range from ca. �0.8‰ to +3‰. An isotope mass-balance model indicates that
diagenetic iron cycling can only change the isotopic composition of highly reactive iron by <1‰, suggesting that water col-
umn processes, namely the degree of oxidation of the ferrous seawater iron reservoir, control the isotopic composition of
highly reactive iron. Considering a long-term decrease in the isotopic composition of the iron source to the dissolved seawater
Fe(II) reservoir to be unlikely, we offer two possible explanations for the Neoproterozoic d56Fe trend. First, a decreasing sup-
ply of Fe(II) to the ferrous seawater iron reservoir could have caused the reservoir to decrease in size, allowing a higher degree
of partial oxidation, irrespective of increasing environmental oxygen levels. Alternatively, increasing oxygen levels would have
led to a higher proportion of Fe(II) being oxidized, without decreasing the initial size of the ferrous seawater iron pool. We
consider the latter explanation as the most likely. According to this hypothesis, the d56Fe record reflects the redox evolution of
Earth’s surface environments. d56Fe values in pre-Sturtian samples significantly heavier than bulk crust and hydrothermal
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iron imply partial oxidation of a ferrous seawater iron reservoir. In contrast, mean d56Fe values closer to that of hydrothermal
iron in post-Sturtian shales reflects oxidation of a larger proportion of the ferrous seawater iron reservoir, and by inference,
higher environmental oxygen levels. Nevertheless, significant iron isotopic variation in post-Sturtian shales suggest redox
heterogeneity and possibly a dominantly anoxic deep ocean, consistent with results from recent studies using iron speciation
and redox sensitive trace metals. However, the interpretation of generally increasing environmental oxygen levels after the
Sturtian glaciation highlights the need to better understand the sensitivity of different redox proxies to incremental changes
in oxygen levels to enable us to reconcile results from different paleoredox proxies.
� 2017 Elsevier Ltd. All rights reserved.
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1. INTRODUCTION

The distribution of iron isotopes in sediments and sedi-
mentary rocks is a powerful measure of the biogeochemical
cycle of Fe in the modern and ancient ocean. By far the lar-
gest fractionation of Fe isotopes is associated with redox
transformation between ferrous and ferric iron (e.g.,
Schauble et al., 2001; Johnson et al., 2002, 2008b; Welch
et al., 2003; Anbar et al., 2005), and hence Fe isotope ratios
have been applied to track the evolution of the seawater
iron reservoir in response to increasing atmospheric oxygen
levels throughout Earth’s history (e.g., Rouxel et al., 2005;
Planavsky et al., 2012; Fan et al., 2014; Tahata et al., 2015;
Zhang et al., 2015). In spite of the dominant role of redox
processes in iron isotope fractionation, the interpretation of
Fe isotope data from ancient sediments is not straightfor-
ward because of different isotopic compositions of iron
sources to the ocean and the complex cycling of iron in
the water column and during early diagenesis. Nevertheless,
distinct features in the iron isotope record appear to
broadly correlate with the evolution of atmospheric O2.
The Neoarchean to early Paleoproterozoic (ca. 2.8–
2.3 Ga) record comprises highly variable, but typically neg-
ative, sedimentary pyrite d56Fe values (��3.5‰ to +1.2‰)
(Rouxel et al., 2005; Archer and Vance, 2006). Younger
Proterozoic (2.3–0.54 Ga) pyrites also span a broad range
from ��2.0‰ to +4.0‰ but are generally less negative
(Tahata et al., 2015), whereas Phanerozoic (<0.54 Ga)
and modern sedimentary pyrites are also less negative and
span a narrower range from ��1.6‰ to +1.2‰ (e.g.,
Rouxel et al., 2005; Severmann et al., 2006, 2008; Fehr
et al., 2008, 2010). The Fe isotope record of banded iron
formation (BIF) and other Fe oxyhydroxide-rich rocks also
displays a systematic secular trend. Archean and early Pale-
oproterozoic iron formation show a large variation in bulk
rock d56Fe values from �2.4‰ to +1.8‰ with most sam-
ples displaying heavy isotope ratios (see compilations in
Planavsky et al., 2012; Busigny et al., 2014). Younger Fe
oxyhydroxide-rich rocks span a narrower range from
�0.9‰ to +1.2‰ with most samples falling between
�0.5‰ and +0.5‰ (Planavsky et al., 2012; Busigny et al.,
2014).

Two broad and contrasting approaches have been
implemented in interpreting the record of iron isotopes in
the Precambrian. One approach stresses the importance
of ferrous iron oxidation across the chemocline in an anoxic
Precambrian ocean as the controlling mechanism for the Fe
isotopic composition of sedimentary rocks and minerals
(Rouxel et al., 2005; Planavsky et al., 2012; Busigny et al.,
2014). Whereas quantitative oxidation masks isotope frac-
tionations and produces ferric oxyhydroxides with Fe iso-
tope ratios comparable to the coeval seawater ferrous
iron reservoir, non-quantitative oxidation leads to preserva-
tion of a significant positive isotope effect upon precipita-
tion of Fe-oxyhydroxides with concomitant depletion of
the ferrous iron reservoir (Dauphas et al., 2004; Rouxel
et al., 2005; Planavsky et al., 2012; Busigny et al., 2014;
Mendes et al., 2017). By extension, lower oxygen concentra-
tion in the Neoarchean and early Paleoproterozoic led to
incomplete oxidation of the ferrous seawater iron inven-
tory, producing isotopically heavy Fe-oxyhydroxides (pre-
cipitated as BIF with heavy d56Fe) and leaving behind a
depleted ferrous reservoir from which pyrites formed
(Rouxel et al., 2005; Planavsky et al., 2012). In contrast,
higher oxygen levels later in Earth’s history allowed for
more complete oxidation of ferrous iron, resulting in a nar-
rower range in iron isotope ratios and isotopically heavier
pyrites. However, this hypothesis has been challenged
because the inferred large negative seawater isotope shift
requires that a significant proportion of the dissolved iron
inventory precipitated as Fe-oxyhydroxides (50–90%;
Yamaguchi and Ohmoto, 2006; Johnson et al., 2008a).

A second approach to interpreting secular trends in the
sedimentary iron isotope record emphasizes the importance
of diagenetic and microbial processes such that the iron-
isotopic composition of BIF and pyrite predominantly
reflects dissimilatory iron reduction, which produces large
amounts of isotopically light ferrous iron (Johnson et al.,
2008a,b; Heimann et al., 2010; Craddock and Dauphas,
2011; Li et al., 2015). In this case, the secular trend in Fe
isotopes in the Precambrian is thought to reflect the evolu-
tion of heterotrophic organisms, whereas the link to Earth’s
evolving redox state is ambiguous. This interpretation
easily accounts for strongly negative values seen in some
samples; however, while diagenetic processes can explain
iron isotope partitioning among different mineral phases,
shifts in the bulk rock composition require physical separa-
tion of distinct iron isotope pools, which is a process that is
redox dependent.

A diverse set of redox proxies suggest that atmospheric
oxygen levels increased in the Neoproterozoic (e.g., Fike
et al., 2006; Canfield et al., 2007; Sahoo et al., 2012; Och
and Shields-Zhou, 2012; Ader et al., 2014; Sperling et al.,
2015; Kunzmann et al., 2017). However, the degree and
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exact timing of oxygenation are not well understood (Sahoo
et al., 2012, 2016; Kunzmann et al., 2017; Miller et al., in
press). Although iron isotope studies may provide valuable
insights, only a small number of iron isotope datasets on
the Neoproterozoic have been published (Halverson et al.,
2011; Fan et al., 2014; Zhang et al., 2015; Tahata et al.,
2015; Cox et al., 2016a). Iron isotope ratios in Sturtian iron
formation deposited during post-glacial transgression show
a systematic trend of up-section increasing d56Fe values,
which has been interpreted as oxidation of a successively
decreasing proportion of the ferrous iron reservoir during
deepening of the depositional environment (Halverson
et al., 2011; Cox et al., 2016a). Sedimentary pyrites in Cryo-
genian (ca. 717–635 Ma) black shales from South China
show a systematic decrease from positive values (ca. 0‰
to +1‰) to values comparable to hydrothermal iron
sources (ca. �0.5‰ to +0‰), which Zhang et al. (2015)
interpreted to reflect near-quantitative oxidation of the fer-
rous iron reservoir and, by inference, increasing environ-
mental oxygen levels. Tahata et al. (2015) reported Fe
isotope data from pyrites in carbonates, shales, sandstones,
and diamictites from a Neoproterozoic succession in Sval-
bard and suggested that heavy d56Fe values before and after
the Sturtian glaciation attest to an anoxic-ferruginous deep
ocean. The bulk rock Fe isotopic composition of carbon-
ates, phosphorites, and diagenetic chert from the Ediacaran
(ca. 635–541 Ma) Doushantuo Formation in South China
were also interpreted to reflect a ferruginous deep ocean
(Fan et al., 2014). Although these interpretations are
broadly consistent with redox constraints from other prox-
ies (e.g., Canfield et al., 2008; Johnston et al., 2010, 2013; Li
et al., 2010; Sperling et al., 2013, 2015; Kunzmann et al.,
2015), limited data hinders the reconciliation of the iron
isotope record with proposed models of oxygenation.

The reconstruction of a detailed secular Fe isotope trend
is further complicated because previous studies focused on
different rock types and either presented bulk rock or
mineral-specific isotope data. Data from specific minerals
(like pyrite) yield more pronounced isotopic variations
because the biogeochemical signals are undiluted by detrital
sedimentary components. However, specific minerals may
not fully capture seawater signals. For example, pyrite
formed in non-euxinic environments does not quantita-
tively capture dissolved ferrous iron (Berner, 1984), making
it difficult to extract information about changing seawater
chemistry. In contrast, although bulk rock analyses include
detrital iron sources, this method has the advantage of cap-
turing both diagenetic and water column processes. Fur-
thermore, recrystallization during burial should not affect
the bulk rock composition, even though it may redistribute
isotopes between individual mineral phases.

Here we report the bulk rock Fe isotope composition of
124 marine shales from Svalbard, northwestern Canada,
and Siberia deposited between 1050 and 570 Ma. Our first
aim is to evaluate the relative importance of isotopic frac-
tionation in the water column versus fractionation during
diagenesis on the bulk shale Fe isotope composition. To
address this question, we created an isotope mass-balance
model, which suggests that water column processes, i.e.
the quantitative or non-quantitative oxidation of a ferrous
iron reservoir, are more important than fractionation dur-
ing diagenesis in setting bulk rock compositions. Based
on conclusions drawn from modeling, we qualitatively
interpret our new record of the secular variation of Fe iso-
topes in Neoproterozoic shales (Fig. 1) in the context of the
relative proportion of the oxidized Fe(II) pool. Favoring a
control by environmental oxygen levels, the Fe isotope
record qualitatively suggests an increase in oxygen levels
after the 717–660 Ma Sturtian glaciation. Nevertheless, sig-
nificant iron isotopic variation in post-Sturtian units sug-
gest redox heterogeneity and a deep ocean that possibly
remained dominantly anoxic, at least through the mid-
Ediacaran.

2. BACKGROUND

2.1. Sources of iron to the ocean

Iron delivered to the modern ocean in suspended or col-
loidal form by rivers has a d56Fe composition of �1.0‰ to
+0.3‰, but most samples plot in the range of ca. �0.1‰ to
+0.3‰ (Beard et al., 2003a; Fantle and DePaolo, 2004;
Bergquist and Boyle, 2006; Ingri et al., 2006). However,
riverine iron is not a significant source to the open ocean
because the ionic strength of seawater neutralizes surface
charges of colloidal particles, such that they are efficiently
removed in nearshore environments (e.g., Boyle et al.,
1974; Boyle and Edmond, 1977; Sholkovitz et al., 1978;
Krachler et al., 2010). Therefore, riverine iron transported
to the open ocean is effectively restricted to nanoparticulate
Fe-oxyhydroxides (Raiswell, 2011b). Additional sources of
bioavailable, continent-derived iron to the oceans are ice-
bergs (Raiswell et al., 2008; Raiswell, 2011a) and dust.
The latter is an important iron source to the ocean (e.g.,
Duce and Tindale, 1991; Fung et al., 2000; Jickells et al.,
2005) and has an Fe isotopic composition of �0.1‰ to
+0.3‰ (Zhu et al., 2000; Beard et al., 2003a,b). Dissolved
Fe(II) from continental margin sediments has recently been
identified as another important iron source to the water col-
umn (Elrod et al., 2004, 2008; Lohan and Bruland, 2008;
Cullen et al., 2009; Severmann et al., 2010; John et al.,
2012; Conway and John, 2014; Dale et al., 2015), in partic-
ular in dust poor regions like the Southern Ocean
(Tagliabue et al., 2009). The pore water-derived iron is
characterized by light isotopic compositions, ranging from
�3.5‰ to �0.5‰ (Severmann et al., 2006, 2010;
Bergquist and Boyle, 2006; Staubwasser et al., 2006;
Homoky et al., 2009, 2013; Tangalos et al., 2010; Chever
et al., 2015). In some exceptions, non-reductive dissolution
of Fe-oxyhydroxides can lead to positive d56Fe values of up
to +1.2‰ (Radic et al., 2011; Homoky et al., 2013).
Hydrothermal iron ranges from �0.7‰ to �0.1‰ but the
mass-weighted average is likely close to the high end
(Beard et al., 2003b; Severmann et al., 2004; Johnson
et al., 2008b; Klar et al., in press). Although some recent
studies indicate that this flux may be more significant than
previously thought (Toner et al., 2009; Saito et al., 2013;
Conway and John, 2014), the contribution of hydrothermal
iron to the modern ocean is generally considered to be small
(Lilley et al., 2004). The relative contributions of all Fe



Fig. 1. Bulk shale iron isotope data from late Proterozoic units in Svalbard-East Greenland, northwestern Canada, and Siberia. Analytical
error (1SE) is smaller than the symbols. (A) d56Fe shows significant variation within stratigraphic units. (B) Box plot of d56Fe for every
measured stratigraphic unit. Ediacaran units (Dracoisen, Sheepbed, Blueflower, June Beds) have mean d56Fe values comparable to the
continental crust (ca. +0.09‰). Older units (with the exception of the Strelnye Gory and Arena formations) are dominated by heavier d56Fe
values. The number of samples analyzed for each unit is shown in parentheses. Note that the x-axis in (B) is ordered from older (left) to
younger (right), but is not exactly plotted in terms of age as shown in (A).
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sources to the modern ocean is variable and predominantly
depends on geographic location (vicinity to dust, continen-
tal margin, and hydrothermal sources) and climate (dry cli-
mate promotes dust, glaciated areas decrease the dust flux)
(e.g., Conway and John, 2014). Although the same is valid
for the Precambrian ocean, hydrothermal iron must have
been a much more important iron source due to anoxic
and sulfate-poor conditions (e.g., Derry and Jacobsen,
1990; Kump and Seyfried, 2005; Holland, 2006), which
allowed the build-up of a significant ferrous seawater reser-
voir as indicated by the deposition of BIF in the late
Archean and early Paleoproterozoic.
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2.2. Iron isotope fractionation during diagenesis

Particulate iron delivered to modern marine siliciclastic
sediments can be subdivided into an unreactive pool
(mainly silicate minerals) and a highly reactive pool, which
can undergo reductive dissolution on diagenetic timescales
(Canfield, 1989; Raiswell and Canfield, 1998, 2012;
Poulton and Canfield, 2011). Reactive iron-bearing miner-
als include carbonates, Fe-oxyhydroxides, magnetite, and
pyrite. Fe-oxyhydroxides are by far the most abundant of
these minerals and are mainly formed during pyrite dissolu-
tion and oxidation during continental weathering
(Reinhard et al., 2013). Common Fe-oxyhydroxides are fer-
rihydrate, lepicrocite, goethite, and hematite, all of which
generally have d56Fe compositions similar to bulk continen-
tal crust (0:09� 0:05‰; Beard et al., 2003a). Detrital mag-
netite and carbonate are proportionately insignificant, and
detrital pyrite is limited to the Archean (e.g., Rasmussen
and Buick, 1999).

Dissimilatory iron reduction (DIR) is an important
pathway of organic matter oxidation in which Fe-
oxyhydroxides are used as electron acceptors (e.g.,
Thamdrup, 2000; Lovley et al., 2004). During DIR, bac-
teria shuttle electrons to the surface of Fe-oxyhydroxides,
either by direct contact with the mineral surface (e.g., Geo-
bacter sulfureducens) or by production of chelators that
solubilize Fe(III) and release of low molecular weight com-
pounds (e.g., Shewanella putrefaciens) that shuttle electrons
from the cell to the mineral surface (e.g., Lovley et al.,
2004). Furthermore, both types of bacteria can produce pili
(‘nanowires’) for transporting electrons to insoluble Fe-
oxyhydroxides (e.g., Gorby et al., 2006). DIR produces
aqueous ferrous iron (Fe(II)aq) that is isotopically up to
�3‰ lighter (D56FeFe(II)�Fe(III) = �3‰) than the ferric iron
substrate (Beard et al., 1999, 2003a; Icopini et al., 2004;
Johnson et al., 2005; Crosby et al., 2005, 2007). The genera-
tion of isotopically light Fe(II)aq can be explained by iso-
tope exchange between three iron pools that are formed
during DIR (Crosby et al., 2005, 2007): Fe(II)aq, Fe(II) that
is sorbed onto the surface of the Fe(III)-mineral, and Fe
(III) that forms an outer, reactive surface layer of the Fe-
oxyhydroxide. The dominant isotope effect is an equili-
brium fractionation of ��3‰ between Fe(II)aq and the
reactive Fe(III) layer (Crosby et al., 2005, 2007). The isoto-
pic composition of Fe(II)aq depends on the mass balance
between the three reactive iron pools, with a maximum iso-
topic difference occurring in systems with a small Fe(II)aq
pool and most iron residing in the reactive Fe(III) layer
(Crosby et al., 2007). With ongoing DIR, both the size
and the d56Fe value of the Fe(II)aq pool increase at the
expense of the Fe(III) pool in the surface layer of the
mineral (Crosby et al., 2007). The fractionation between
the Fe(II)aq and reactive Fe(III) layer is independent of
the ferric substrate and the bacterial species, such that the
role of bacteria in controlling isotope compositions lies
solely in making the Fe(III) of the mineral available for
electron and isotopic exchange (Crosby et al., 2007).
Indeed, the fractionation of ��3‰ is equivalent to abiolo-
gical equilibrium fractionation between hexaquo-Fe(II)aq
and hexaquo-Fe(III)aq (Johnson et al., 2002; Welch et al.,
2003). Isotopic fractionation during sorption of
aqueous Fe(II)aq onto the surface of Fe-oxyhydroxides
(D56FeFe(II)aq�Fe(II)sorbed) is mineral specific and is
��1.24‰ for goethite (see references therein for older esti-
mates Beard et al., 2010), about �0.8‰ for hydrous ferric
oxide (Wu et al., 2011), and about �0.49‰ for hematite
(Wu et al., 2009, 2010). In sum, the effect of DIR and/or
abiological Fe-oxyhydroxide reduction in natural environ-
ments leads to pore waters with isotopically depleted iron.

The isotope effects associated with oxidation of Fe(II)aq
to Fe(III)aq (biologically mediated or abiological), subse-
quent coupled isotope and electron exchange between aque-
ous Fe(II) and Fe(III) species, followed by precipitation of
ferric Fe minerals, have been studied in experiments and
natural environments (Bullen et al., 2001; Johnson et al.,
2002; Skulan et al., 2002; Welch et al., 2003; Croal et al.,
2004; Balci et al., 2006; Jang et al., 2008; Beard et al.,
2010; Wu et al., 2011; Frierdich et al., 2014a). The equilib-
rium fractionation between Fe(II)aq and Fe(III)aq of ca.
�3‰ is the dominant isotope effect, likely overwhelming
any effect associated with biological oxidation of Fe(II)aq
(Balci et al., 2006). These studies have shown the equilib-
rium fractionation between Fe(II)aq and different Fe-
oxyhydroxides to be between �1.24‰ and �1.04‰ for
goethite (Beard et al., 2010; Frierdich et al., 2014a), and
about �3.2‰ for both hematite (Skulan et al., 2002;
Welch et al., 2003; Beard et al., 2010) and hydrous ferric
oxide (Wu et al., 2011). A kinetic isotope effect may be
imparted during mineral precipitation, but Frierdich et al.
(2014b) suggested that, at least in the case of goethite, later
isotopic equilibration erases the initial kinetic isotopic sig-
nature. Comparable to the reduction of Fe(III) by DIR,
oxidation of Fe(II) and subsequent Fe-oxyhydroxide pre-
cipitation involves different iron pools; Fe(II)aq, Fe(III) of
the mineral, Fe(II) sorbed on the mineral surface, and a
reactive Fe(III) surface layer (Beard et al., 2010; Wu
et al., 2010). Adsorption of Fe(II) on Fe-oxyhydroxide sur-
faces upon mixing of reduced groundwater with oxic water
has been demonstrated to cause significant depletion of
heavy isotopes in the aqueous Fe(II) pool (Bullen et al.,
2001; Teutsch et al., 2005; Rouxel et al., 2008).

The fate of Fe(II)aq in pore waters that is not oxidized
depends on the pore water chemistry and on opportunities
for interactions with Fe(III)-oxyhydroxide, dissolved sul-
fide, or carbonate. In pore waters with low dissolved sulfide
and bicarbonate concentrations (and anoxic bottom
waters), Fe(II)aq can escape to the water column (Scholz
et al., 2014a,b; Dale et al., 2015). However, if the Fe(II)aq
ion encounters an Fe(III)-oxydydroxide in anoxic pore
waters, magnetite (Fe3O4) can form abiologically (e.g.,
Tamura et al., 1983; Schwertmann, 1988; Lovley, 1990).
This reaction is associated with an equilibrium fractiona-
tion factor of D56FeFe(II)aq�magnetite ��1.6‰ (Johnson et
al., 2005; Frierdich et al., 2014b). Magnetite can also form
as a breakdown product of smectite during burial
diagenesis (Katz et al., 2000) or can be produced by magne-
totactic bacteria (e.g., Blakemore, 1982). However, the
amount of magnetite formed by magnetotactic bacteria
on a per cell basis is about 5000 times smaller than that
indirectly produced by DIR (Frankel, 1987).
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Isotope effects between Fe(II)aq and carbonate minerals
are poorly studied, but experiments suggest that the fractio-
nation is strongly influenced by the phase and stoichiome-
try of the carbonate minerals (Johnson et al., 2005).
Wiesli et al. (2004) reported an equilibrium fractionation
factor for siderite (D56FeFe(II)aq�siderite) of 0.48‰ based on
an abiological experiment. In contrast, Johnson et al.
(2005) reported no measurable fractionation for siderite
precipitation in biological experiments (including DIR).
However, these authors noted a fractionation of 0.9‰ for
Ca-substituted siderite and suggested that the substitution
of other cations such as Mg and Mn will also result in a sig-
nificant isotope effect (Johnson et al., 2005).

The isotopic fractionation between aqueous iron species
and pyrite under demonstrably equilibrium conditions has
not been experimentally determined yet. However, several
studies have investigated the fractionation between Fe(II)aq
and mackinawite (FeS), a pyrite precursor mineral (Butler
et al., 2005; Guilbaud et al., 2010, 2011a,b; Wu et al.,
2012). The most recent experiments by Guilbaud et al.
(2011b) and Wu et al. (2012) reported an equilibrium frac-
tionation factor of D56FeFe(II)aq�FeS ��0.32‰. The fractio-
nation factor is independent of temperature and pH in low
temperature environments; however, mackinawite formed
at low pH (<4) may partially record an initial positive
kinetic isotope fractionation (Butler et al., 2005; Guilbaud
et al., 2010, 2011b). Low pH conditions promote particle
coarsening via aggregation, which limits isotopic exchange
(Wu et al., 2012). However, this process is unlikely to be
important at near-neutral or alkaline pH conditions of
diagenetic environments, and Wu et al. (2012) suggest that
the initial kinetic fractionation is erased by later isotopic
equilibration.

The above discussion focuses on experimentally deter-
mined fractionation factors for fluid-mineral pairs, which
we have chosen to use in our isotope mass-balance model
(see discussion). Although it is difficult to achieve and prove
equilibrium in low temperature aqueous systems, the most
recent results represent realistic values when compared to
the rock record. Nevertheless, we emphasize that significant
advances have been made recently in determining equilib-
rium Fe isotope fractionation factors for aqueous species,
fluid-mineral systems, and mineral pairs using first-
principles calculations that give reduced partition function
ratios, called b-factors (for recent review see Dauphas
et al., 2017). Data are available for aqueous Fe species
(Anbar et al., 2005; Domagal-Goldman and Kubicki,
2008; Hill and Schauble, 2008), Fe-oxyhydroxides
(Polyakov et al., 2007; Blanchard et al., 2009; Dauphas
et al., 2012; Blanchard et al., 2015), Fe-sulfides (Blanchard
et al., 2009; Polyakov and Soultanov, 2011), and Fe-
carbonates (Blanchard et al., 2009; Rustad et al., 2010).

3. GEOLOGICAL SETTING

In the following paragraphs, we briefly summarize the
geological setting of the sampled successions. Detailed
information on stratigraphic sections, including geographic
coordinates, ages, and depositional environments, is pro-
vided in the Supplementary Information. The analyzed
samples come from three different regions: Svalbard-East
Greenland, northwestern Canada, and western Siberia.
The sedimentary successions in all three regions are well
preserved and are sub-greenschist grade.

TheNeoproterozoic succession in Svalbard spans the early
and middle Neoproterozoic (ca. 835–630 Ma) and hosts gla-
cial deposits of the ca. 717–660 Ma Sturtian and ca. 635 Ma
Marinoan glaciations (e.g., Halverson, 2011; Hoffman et al.,
2012). The stratigraphy is almost identical to the Neoprotero-
zoic succession in East Greenland, and it is widely accepted
that both were deposited in a single, continuous basin (e.g.,
Fairchild and Hambrey, 1995; Hoffman et al., 2012). Ana-
lyzed samples come from the Veteranen, Akademikerbreen,
andPolarisbreen groups. TheVeteranenGroup is constrained
to younger than the ca. 950 Ma basement that occurs below it
inNoraustlandet (Gee et al., 1995; Johansson et al., 2000), and
it was likely deposited during the initial rift phase of basin
development (Maloof et al., 2006). In contrast, the overlying
Akademikerbreen and Polarisbreen groups, where almost all
of our samples come from, were deposited on a thermally sub-
siding continental shelf (Maloof et al., 2006). The sampled
dark grey to black shales represent the deepest depositional
environments recorded in this succession and were deposited
at or below storm wave base.

We sampled early and late Neoproterozoic stratigraphic
units from northwestern Canada, which are exposed in ero-
sional windows through the Phanerozoic cover. Early Neo-
proterozoic samples come from the ca. 900–800 Ma
Fifteenmile, Hematite Creek, Katherine, and Little Dal
groups (e.g., Macdonald et al., 2010, 2012; Macdonald
and Roots, 2010; Halverson et al., 2012; Kunzmann
et al., 2014). All units were deposited on a stable continen-
tal shelf. However, the Reefal Assemblage of the middle
Fifteenmile Group was deposited in a basin with complex
topography that was inherited from synsedimentary normal
faulting during deposition of the lower Fifteenmile Group
(Macdonald et al., 2012). Late Neoproterozoic (Ediacaran,
i.e. 635–541 Ma) samples come from the Sheepbed, June
Beds, and Blueflower formations (Macdonald et al., 2013;
Sperling et al., 2016). Although their tectonic setting is
not fully understood yet, the Ediacaran units in northwest-
ern Canada likely record the transition from rifting to ther-
mal subsidence and passive margin development
(Macdonald et al., 2013). All analyzed samples from north-
western Canada are black shales that were deposited at or
below storm wave base.

Our Siberian samples come from the ca. 1050–1040 Ma
Strelnye Gory Formation, which belongs to the East
Angara terrane of the Yenisey Ridge, a Meso- to Neopro-
terozoic fold-and-thrust belt (Vernikovsky and
Vernikovskaya, 2006; Gallet et al., 2012). The strata are
part of a passive margin succession. All samples are black
shales that were deposited at or below storm wave base.

4. MATERIALS AND METHODS

4.1. Samples

We measured the bulk rock Fe isotope composition of
124 dark grey to black shales (62 from Svalbard-East
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Greenland, 54 from northwestern Canada, 8 from Siberia)
ranging in age from �1050 Ma to 570 Ma (Tab. S1). Fresh
outcrops were sampled during mapping and stratigraphic
logging over the course of multiple field seasons. We inter-
pret our Fe isotope data in the context of previously
reported and new major element (Fe and Al), and iron spe-
ciation data (Tab. S1; Kunzmann et al., 2015; Sperling
et al., 2016). New elemental and Fe speciation data were
obtained using the methods outlined in Kunzmann et al.
(2015).

4.2. Sample preparation and Fe isotope measurements

Cleaned and cut samples were powdered in a chrome
steel ring mill and combusted at 550�C for 5 h (Dean,
1974). The powdering of soft rock samples like shale leads
to negligible addition of iron to samples (Hickson and
Juras, 1986; Sperling et al., 2013), minimizing the risk of
contamination. Approximately 40 mg powder was digested
in a mixture of double-distilled, concentrated HCl-HF-
HNO3, followed by a second digestion step in aqua regia
(see Supplementary Information for details). Iron was puri-
fied by anion-exchange chromatography in a HCl medium
using Bio Rad AG1 X4 resin (200–400 lm mesh) following
the steps outlined in Halverson et al. (2011). Iron isotope
ratios (d56Fe and d57Fe) were measured in a 10 ppm solu-
tion on a Nu Plasma II multicollector inductively coupled
plasma mass spectrometer (MC-ICP-MS) at the Geotop
research center, Montréal. The MC-ICP-MS was operated
in high-resolution mode and standard-sample-standard
bracketing was used to correct for instrumental mass bias.
Measured 56Fe/54Fe and 57Fe/54Fe ratios are reported rela-
tive to IRMM-14 using standard delta notation. We rou-
tinely prepared and analyzed the certified reference
material BHVO-2 (Hawaiian basalt) and obtained average
d56Fe and d57Fe values of 0.06 ± 0.03‰ (1SE) and 0.11
± 0.04‰ (1SE), respectively. These values lie within the
range reported in the GeoReM database (Jochum et al.,
2005). In addition to BHVO-2, we routinely analyzed an
in-house hematite standard and obtained standard errors
(1SE) of �0.03‰ for d56Fe and �0.04‰ for d57Fe.

5. RESULTS

The measured d56Fe values (n = 124) span a range from
�0.45‰ to +1.04‰ (Fig. 1A). Although significant isotopic
variability is observed in every stratigraphic unit (Fig. 1A),
these data show systematic secular variation spanning the
Neoproterozoic (Fig. 1B). The mean d56Fe value increases
through the latest Mesoproterozoic to early Neoprotero-
zoic from roughly �0.1‰ in the ca. 1050 Ma Strelnye Gory
Formation of Siberia to roughly +0.7‰ in the ca. 800 Ma
Ram Head Formation of northwestern Canada. This max-
imum is followed by a decrease of d56Fe to values below
+0.2‰ (i.e., near crustal values) in units younger than the
ca. 717–660 Ma Sturtian glaciation. Samples predating the
Sturtian glaciation (stage 1 in Fig. 1) have average d56Fe
values of +0.35‰ (�0.31‰ standard deviation), whereas
samples younger than 660 Ma (stage 2 in Fig. 1) have aver-
age d56Fe values of +0.15‰ (�0.26‰ standard deviation).
Data in stage 1 is normally distributed (Shapiro–Wilk W-
test: p = 0.87), whereas values in stage 2 are not
(p = 0.0007). The two stages are significantly different using
both nonparametric Wilcoxon tests and a student’s t-test
(p < 0:0001 in both cases).

The relationships between d56Fe and total iron/alu-
minium (FeT/Al), as well as ratios of abundances of vari-
ous iron pools relative to total iron, are shown in Figs. 2
and 3. Following Poulton and Canfield (2005, 2011), we
define highly reactive iron (FeHR) as the sum of iron bound
in carbonate minerals (FeCarb), oxyhydroxides (FeOx),
mixed valence oxides like magnetite (FeMag), and pyrite
(FePy). Total iron is the sum of FeHR and an unreactive
iron pool (FeUn), comprising mostly silicate minerals.
d56Fe values generally show a negative relationship with
FeT/Al and FeHR/FeT (Fig. 2A, B, D, E, G, H). No clear
relationship between FeCarb/FeT and d56Fe is observed
(Fig. 2C, F, I). The Russøya Member of Svalbard
(Fig. 3A) and the Sheepbed, Reefal Assemblage, and Black
Canyon Creek formations of northwestern Canada
(Fig. 3D) show a negative relationship between FeOx/FeT
and d56Fe. No clear relationship is observed for the other
stratigraphic units. Furthermore, FeMag/FeT and FePy/
FeT ratios do not show clear relationships with d56Fe val-
ues in any unit (Fig. 3B, C, E, F, H, I), with the exception
of a minor positive correlation between d56Fe values and
FeMag/FeT in the Strelnye Gory Formation of Siberia
(Fig. 3H).

6. DISCUSSION

6.1. Model of the isotopic composition of highly reactive iron

This study is the first attempt towards a bulk rock Fe
isotope record for the Neoproterozoic. Therefore, we did
not measure individual iron speciation pools to investigate
the isotopic composition of highly reactive iron and pro-
vide a modeling approach instead. Nevertheless, future
analyses of individual iron pools should provide an impor-
tant test of the modeling approach and the conclusions
drawn from it.

6.1.1. Model set-up

To better understand the controls on the Fe isotope
composition of Neoproterozoic shales, we developed a
steady state isotope mass-balance model that describes the
fluxes (/) and isotopic effects (�) associated with the trans-
port and reaction pathways of highly reactive iron in anoxic
marine sediments (Fig. 4). The aim of our model is to pre-
dict the d56Fe composition of highly reactive iron
(d56FeHR�model) and to test the significance of diagenetic
processes for the overall Fe isotope composition. These val-
ues can be compared to our measured bulk rock d56Fe after
correcting for the unreactive iron content (Fig. 5). The rela-
tionship between measured bulk rock d56Fe and the iso-
topic composition of highly reactive iron in the same
sample can be described as

d56Fe¼FeHR=FeT �d56FeHR�calcþð1�FeHR=FeT Þ�d56FeUn

ð1Þ
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where d56Fe is the measured bulk rock value, d56FeHR�calc

is the calculated d56Fe value for highly reactive iron after
correction, and d56FeUn is the isotopic composition of unre-
active iron, which we assume to have crustal values
(�0.09‰; Beard et al., 2003a). The calculated isotopic com-
position of highly reactive iron in our samples varies
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between ca. �0.8‰ and +7.4‰; however, >90% of our
data fall in the range between �0.8‰ and ca. +3‰
(Fig. 5). Samples with extremely high d56FeHR�calc have
FeHR/FeT ratios <0.15 and individual Fe pools in these
samples generally have a concentration below 0.1 wt.%
(Supplementary Information). Although the reproducibility
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of sequentially extracted Fe is usually better than �5%
(Kunzmann et al., 2015), the error can significantly increase
at the very low concentrations of individual iron pools and
very low FeHR/FeT ratios observed in our samples that
yield unrealistically high d56FeHR�calc (Sperling et al.,
2013, 2015). At concentrations of individual Fe pools below
0.1 wt.%, the error can reach tens of %, and in rare cases,
even exceed 100% (see Supplementary Information of
Sperling et al., 2013, 2015). However, we emphasize that
such high errors do not generally apply to samples with
low FeHR/FeT and low concentrations of individual Fe
pools. Furthermore, when interpreting paleoredox condi-
tions, a few samples with low FeHR and an associated high
error should not influence the basic redox interpretation.
For example, doubling the FeHR content (an error of
100%) does not lead to addition of much FeHR when the
starting FeHR content is extremely low. However, in our
isotopic calculations, errors in the range of tens of % signif-
icantly affect d56FeHR�calc (Fig. 5). We conclude that the
unrealistically high d56FeHR�calc values can be explained
by significant underestimation of the FeHR content, due
to very low abundance of FeHR in these samples. With
our model, we focus on reproducing the >90% of our data
that have d56Fe values below +3‰. For these samples, the
ratio of the precipitated minerals in our model (Fig. 4; mag-
netite, carbonate, pyrite, Fe-oxyhydroxides) was set to
reflect the average composition of the measured Neopro-
terozoic shales based on our iron speciation data (Tab. S2).

A description of the model equations is provided in the
Supplementary Information; here we emphasize the
assumptions and simplifications that are built into the
model. First, we assume that the diagenetic cycling of
highly reactive iron is fueled by the delivery of Fe-
oxyhydroxide phases to the sediment. The Fe-
oxyhydroxides settle from the water column and some will
also be detrital in origin, escaping near-shore environments.
Furthermore, we assume that the detrital flux of carbonate,
pyrite, and magnetite is negligible. Consistent with gener-
ally low pyrite abundance in our samples, we assume that
dissimilatory iron reduction is the major pathway of Fe-
oxyhydroxide reduction (e.g., Thamdrup, 2000), rather
than reaction with hydrogen sulfide (e.g., Canfield, 1989).
Furthermore, we assume that magnetite formed in sedi-
ments did not get re-oxidized. The formation of magnetite
in our model occurs through the reaction of one Fe(II)aq
ion with hydrous ferric oxide (e.g., Lovley, 1990). Other
pathways such as the breakdown of smectite during burial
(Katz et al., 2000) and formation by magnetotactic bacteria
(Blakemore, 1982) are considered negligible and omitted
from the model. Other Fe-bearing minerals such as vivian-
ite (a group of ferrous phosphate minerals) are not consid-
ered. Moreover, we model all fluxes out of the Fe(II)aq pool
to be simultaneous rather than mineral formation in
succession.

We varied the isotopic composition of incoming Fe-
oxyhydroxides (din) between �1‰ and +3‰ (Table 1).
The minimum value would reflect oxyhydroxides that pre-
cipitate upon quantitative oxidation of hydrothermally
derived ferrous iron with a composition of �1‰ (reported
values for hydrothermal iron range from �0.7 to �0.1;
Sharma et al., 2001; Beard et al., 2003b; Severmann et al.,
2004; Klar et al., in press). The maximum value reflects oxi-
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dation of a minor proportion of the ferrous iron pool with
an initial d56Fe value of 0‰—roughly the high end of
reported compositions for hydrothermal iron.

Microbial reduction of Fe-oxyhydroxides (in our model
collectively referred to as FeOx; Fig. 4) is limited to amor-
phous and poorly crystalline compounds, whereas more
crystalline minerals like goethite and hematite cannot be
efficiently reduced by DIR in natural environments
(Lovley and Phillips, 1986a,b; Thamdrup, 2000). Amor-
phous and poorly crystalline FeOx phases generally make
up less than 20% of the total FeOx reservoir in sediments
(Thamdrup, 2000), consistent with results from sulfate-
poor natural environments that indicate that generally less
than 20–30% of the available FeOx is microbially reducible
Table 1
Summary of applied fractionation factors in our model (Fig. 4). Referen
(2005), 4, Crosby et al. (2007); 5, Skulan et al. (2002), 6, Wu et al. (2011)
(2004), 10, Guilbaud et al. (2011b); 11, Wu et al. (2012).

Pathway Fractio

FeOx? Fe(II)aq (�Red) �3‰ t
FeOx? FeMag (�Ox�Mag) 0‰
FeOx? FeMag (�Ox�burial) 0‰
Fe(II)aq? FeOx (�re�ox) �3‰
Fe(II)aq? FeMag (�FeMag) �1.6‰
Fe(II)aq? water column (�esc) 0‰
Fe(II)aq? FeCarb (�Carb) +0.5‰
Fe(II)aq? FePy (�Py) �0.32‰
(Lovley and Phillips, 1986a). Furthermore, Fe(II) adsorp-
tion onto the surface of FeOx may further hinder efficient
reduction of FeOx (Roden, 2004). However, Fe(III) in
some clay minerals is also microbially reducible (e.g.,
Stucki et al., 1987; Kostka et al., 1996; Vorhies and
Gaines, 2009) and Fe(III) from clay may represent about
10% of the microbially reducible iron (Wallmann et al.,
1993; Thamdrup, 2000). Therefore, we varied the propor-
tion of microbially reducible FeOx in our model runs
between 10% and 30%, but also performed runs with
100% to test the most extreme scenario. The significant
amount of preserved FeOx remaining in our samples
(Tab. S2) is consistent with limited reduction by bacteria.
Given that our shales contain organic matter (Kunzmann
et al., 2015; Sperling et al., 2016), it is unlikely that FeOx
is preserved because reactive organic matter was limiting.
It is important to emphasize the observation of non-
quantitative reduction of FeOx in natural sediments by dis-
similatory iron reducers. Considering isotopic mass bal-
ance, this is the most important parameter of the
diagenetic iron cycle. If only 10–30% of the deposited FeOx
is microbially reducible, mass balance considerations sug-
gest that diagenetic processes should not normally exert a
major control on the isotopic composition of highly reac-
tive iron and bulk sediment. Nevertheless, we provide a
detailed modeling approach and description to include
unknown but potentially important processes like re-
oxidation of Fe(II)aq and Fe escape to the water column.
As ongoing DIR will produce an Fe(II)aq pool with a
d56Fe composition approaching that of FeOx, the physical
separation of Fe(II)aq by escape to the water column may
be important and needs to be evaluated.

We varied the D56Fe between the initial FeOx and Fe
(II)aq between �3‰ and 0‰ to reflect the possible range
in fractionation occurring during DIR and to match typical
pore water Fe(II)aq compositions (Severmann et al., 2006,
2010; Bergquist and Boyle, 2006; Homoky et al., 2009,
2013; Tangalos et al., 2010). The most recent experimen-
tally determined equilibrium Fe isotope fractionation fac-
tors were applied in our model (Table 1; see discussion in
chapter 2).

In our model runs presented in Fig. 6, we assume that
the flux of iron out of the sediments (/esc) is never less than
50% of the reduced iron produced by DIR and that the rel-
ative re-oxidation rate (cre�ox), i.e., the oxidation of Fe(II)aq
back to Fe(III) within sediment pore waters is never less
ces: 1, Johnson et al. (2002), 2, Welch et al. (2003); 3, Crosby et al.
; 7, Johnson et al. (2005), 8, Frierdich et al. (2014b); 9, Wiesli et al.

nation factor (D56Fe) Reference

o 0‰ 1–4
–
–
5, 6
7, 8
–
7, 9
10, 11
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than 20%. However, a significant flux of Fe(II) out of sed-
iments simultaneous with re-oxidation of Fe(II)aq to Fe(III)
may not be likely for most settings as they generally require
different redox conditions. To allow for a benthic Fe flux
(i.e. anoxic conditions), the oxidation of Fe(II)aq must
occur primarily through anaerobic NO3

� reduction cat-
alyzed by bacteria (e.g., Konhauser et al., 2011). Although
NO3

� concentrations are generally expected to be low in an
anoxic ocean, N isotope data suggest that NO3

� was prob-
ably stable in much of the middle to late Neoproterozoic
ocean (Ader et al., 2014), consistent with recent evidence
for NO2

� oxidation at nanomolar oxygen concentrations
(Bristow et al., 2016). We stress that the motivation for this
modeling exercise is to estimate the highest potential influ-
ence of diagenetic iron cycling on the composition of highly
reactive iron rather than generate a comprehensive account-
ing of the Neoproterozoic iron cycle. This approach allows
us to consider higher values of cre�ox and /esc, since
lowering them to more realistic ones will only decrease
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Fig. 6. Results for model runs with different parameter settings. Mode
against different values for isotopic fractionation associated with reduct
represent different starting compositions of incoming Fe-oxyhydroxides.
speciation composition (Supplementary Information; 60% Fe-oxyhydrox
mass-balance, increase of /in increases the importance of diagenetic iron
with successively heavier d56Fe values. (D) The residual highly reactive i
water column (/esc; compare to B). (E) Increasing the re-oxidation rat
significantly change isotopic compositions (compare to B). (F) The larges
highly reactive iron occurs when all Fe-oxyhydroxides are reducible and
settings are unrealistically high for natural environments, this model run
isotopic composition as the starting composition of incoming Fe-oxyhyd
the importance of diagenetic iron cycling on the isotopic
composition of highly reactive iron.

6.1.2. Model results

Our model results confirm the expectation that release of
dissolved iron from sediments to the water column leaves
behind an isotopically enriched (heavy) iron pool (Fig. 6).
As emphasized earlier, mass balance considerations suggest
that the proportion of microbially reducible FeOx (i.e.,
amorphous and poorly crystalline phases) exerts a major
control on the degree of Fe isotope fractionation during
diagenesis. Indeed, our model confirms that the importance
of diagenetic iron cycling in setting the overall isotopic
composition increases with an increasing proportion of
incoming iron that is reducible (/in; Fig. 6A-C). Further-
more, we use our model to test to what degree the physical
separation of dissolved Fe(II)aq, i.e. release of Fe(II)aq to
the water column, increases the d56Fe composition of the
remaining FeHR. Increasing the flux of dissolved iron out
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led isotopic composition of highly reactive iron (x-axis) is plotted
ion of FeOx and production of pore water Fe(II)aq. The five lines
Mineral compositions are held constant and are set to average iron
ides, 20% carbonate, 10% magnetite, 10% pyrite). (A–C) Following
cycling and isotope exchange results in residual highly reactive iron
ron becomes progressively heavier with increasing iron flux to the
e (cre�ox) without changing /esc or mineral proportions, does not
t influence of diagenetic iron cycling on the isotopic composition of
the flux of iron out of sediments is high. Although these parameter
demonstrates that diagenetic processes are not as important for the
roxides, i.e. water column processes.
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of the sediments from 50% (Fig. 6B) to 75% (Fig. 6D)
increases the d56Fe of highly reactive iron by ca. 0.3‰
(Fig. 6D). Another potentially important process we tested
was the influence of the re-oxidation rate of Fe(II)aq to Fe
(III) (cre�ox). An increase of the re-oxidation rate from 20%
(Fig. 6B) to 80% only leads to a minor increase in d56Fe of
FeHR when the proportions of formed minerals and their
amount (i.e., flux of Fe out of sediments) is held constant
(Fig. 6E). Assuming that all of the incoming FeOx is redu-
cible (/in = 1) and that 75% of the reduced iron is lost to
the water column (/esc = 0.75)—unrealistically high val-
ues—the d56Fe value of highly reactive iron only increases
by �0.9‰ (Fig. 6F).

We conclude from our modeling exercise that diagenetic
iron cycling is only of second order importance in setting
the isotopic composition of highly reactive iron. Even if
all of the incoming Fe-oxyhydroxides are reducible
(Fig. 6C, F), diagenetic iron cycling is unable to generate
isotopic enrichment in the highly reactive iron pool that is
comparable to the Neoproterozoic record. Our
d56FeHR�calc values (Fig. 5) can only be reproduced if din
is varied substantially. As a result, we suggest that the iso-
topic composition of the incoming Fe-oxyhydroxides is the
major control on the d56Fe composition of highly reactive
iron and bulk shale (if FeHR represents most of the total
iron). In the following discussion, we focus on interpreting
the bulk shale d56Fe record because in contrast to the d56Fe
composition of FeHR, it also takes into account the FeHR/
FeT and FeT/Al ratios, providing further insight into dia-
genetic and water column iron cycling.

6.2. Iron systematics in Neoproterozoic shales: the effect of

iron shuttling

The two potential sources of Fe-oxyhydroxides to sedi-
ments in an anoxic ocean are those delivered with the detri-
tal flux, and oxyhydroxides that formed through (partial)
oxidation of dissolved ferrous iron in seawater. Fe-
oxyhydroxides delivered by modern rivers can be slightly
heavier than the continental crust (up to +0.31‰; Ingri
et al., 2006) and oxyhydroxides formed in estuaries by par-
tial oxidation of Fe(II)aq in groundwater have been shown
to be isotopically heavy, up to +1.5‰ (Rouxel et al., 2008).
However, the latter oxyhydroxides stay in the sediment
where they formed and are unlikely to be dispersed across
the shelf. Similarly, colloidal iron in rivers is mostly trapped
in coastal environments and only a small proportion may
reach the middle and outer shelf (e.g., Boyle and
Edmond, 1977; Poulton and Raiswell, 2002). Furthermore,
this proportion likely mostly comprises crystalline FeOx
phases (Raiswell, 2011b), which cannot be reduced by dis-
similatory iron reducers. Therefore, (partial) oxidation of
a ferrous seawater iron reservoir is the most likely source
of Fe-oxyhydroxides in our samples (although they need
to be deposited relatively quickly to escape reduction in
the anoxic water column). As summarized in Section 2.1,
besides hydrothermal iron and the likely minor delivery
of riverine iron, other potential sources of iron to the ocean
include nanoparticulate Fe-oxyhydroxides, icebergs, dust,
and iron from continental margins. However, we assume
that the ferrous iron reservoir in a dominantly anoxic
Proterozoic ocean mainly originated from hydrothermal
sources, which have a mass-weighed average of ca.
�0.1‰ (Beard et al., 2003b; Severmann et al., 2004;
Johnson et al., 2008b; Klar et al., in press). Furthermore,
if other sources like dust, icebergs, nanoparticulate or river-
ine Fe-oxyhydroxides were locally important, their isotopic
composition of �0.1‰ to +0.3‰ is comparable to
hydrothermal iron, therefore, would not affect our interpre-
tation. The mass of iron potentially sourced by non-
reductive dissolution of Fe-oxyhydroxides is unlikely to
be significant. Only significant release of dissolved ferrous
iron from continental margins may have lowered the iso-
topic composition of the ferrous seawater iron reservoir.
However, it is very unlikely that this contribution would
have been extreme enough to produce a ferrous seawater
iron inventory with d56Fe values below �1‰, i.e. outside
of the modeled range.

Our model results suggest that the d56Fe variability in
our sample set (e.g., Fig. 2A, D, G) is mostly due to water
column processes, i.e. the delivery of Fe-oxyhydroxides
from the water column to the sediments. These Fe-
oxyhydroxides had a variable d56Fe composition (din)
caused by different degrees of partial oxidation of the fer-
rous seawater iron reservoir, and potentially also by a
somewhat varying composition of this reservoir. If this is
the only process that influences the d56Fe composition of
our Neoproterozoic sample set, we expect to observe vary-
ing enrichments in FeT/Al (controlled by the net enrich-
ment of Fe from the water column) concomitant with
variable enrichments in d56Fe. The Fe isotopic composition
would be controlled by the degree of partial oxidation of
ferrous iron in seawater, with very heavy isotopic values
reflecting a very small proportion of oxidized Fe(II), and
less positive values (approaching the source composition),
reflecting a larger degree of oxidation. However, we find
overall (weak) negative relationships between d56Fe and
FeT/Al, and FeT/Al ratios of some samples are lower than
the continental crust (Fig. 2A, D, G), implying that another
process also played a role. The observed patterns between
d56Fe and FeT/Al are broadly comparable to patterns in
modern marine settings characterized by diagenetic iron
cycling and benthic iron shuttling (Severmann et al., 2008;
Scholz et al., 2014b). Therefore, we suggest that even
though water column iron cycling controlled the isotopic
composition of our shales, diagenetic iron cycling con-
tributed to the overall isotopic composition preserved in
the geological record.

Studies of two different modern environments have
shown evidence for the shuttling of isotopically distinct iron
between depositional sites. In euxinic basins like the highly
restricted Black Sea, diagenetic reactions such as DIR
mobilize reactive and isotopically light iron in suboxic shelf
sediments. The iron is transported to the more distal, eux-
inic basin, where it is quantitatively trapped during syn-
genetic pyrite formation in the water column, and buried
with sediments in the deep basin (Wijsman et al., 2001;
Anderson and Raiswell, 2004; Lyons and Severmann,
2006; Severmann et al., 2008). This iron shuttle leads to
depleted FeT/Al ratios and high d56Fe values of shelf sedi-
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ments relative to the detrital flux and enriched FeT/Al
ratios with negative d56Fe in euxinic sediments
(Severmann et al., 2008). Thus, the iron shuttle in euxinic
basins can be identified by a negative relationship between
FeT/Al and d56Fe (Severmann et al., 2008; Fehr et al., 2008;
Fehr et al., 2010; Duan et al., 2010; Owens et al., 2012).

In modern, open marine settings, reactive and isotopi-
cally light iron is mobilized from sediments where the oxy-
gen minimum zone (OMZ) impinges on the shelf, causing
depleted FeT/Al ratios and heavier d56Fe values than the
detrital flux (Scholz et al., 2014b). The mobilized iron is
transported laterally in the oxygen-deficient part of the
water column and partly precipitated in sediments below
the OMZ (Scholz et al., 2014b). This oxidative trapping
leads to enriched FeT/Al, but in contrast to euxinic basins,
it is associated with heavier d56Fe values (Scholz et al.,
2014b) because Fe-oxyhydroxide formation preferentially
consumes the heavy isotope and the reaction is locally
non-quantitative. This leads to complex FeT/Al and
d56Fe relationships.

Both modern settings provide a mechanism to generate
the observed depleted FeT/Al compositions with respect
to the continental crust (Fig. 2A, D, G) by loss of isotopi-
cally light iron (formed by DIR) from the sediments to the
water column (Severmann et al., 2008; Scholz et al., 2014b).
The escape of isotopically light iron to the water column
would lead to slight isotopic enrichment in the remaining
sedimentary iron inventory, which may have contributed
to form some of the isotopically heaviest samples. Impor-
tantly, loss of Fe to the water column requires a concentra-
tion gradient between pore waters and seawater, as
observed for example in the suboxic OMZ off the coast of
Peru (Noffke et al., 2012). Hence, even when anoxic deep
waters are considered ferruginous as opposed to euxinic,
this distinction does not imply high iron concentrations.
Indeed, a long-lived, low-Fe ferruginous ocean during the
middle and late Proterozoic is consistent with the disap-
pearance of banded iron formation from the geological
record 1.8 Ga ago. A negative relationship between d56Fe
and FeHR/FeT (Fig. 2B, E, H) in our sample set confirms
that the remobilized iron was part of the highly reactive
iron pool. A negative relationship between d56Fe and
FeOx/FeT, at least in some units (Fig. 3D), is consistent
with the notion that the shuttled iron was ultimately
sourced from Fe-oxyhydroxides that underwent reductive
dissolution during diagenesis.

If some of the samples lost Fe during diagenesis, it is
also possible that other samples gained iron that was previ-
ously lost by sediments at other depositional sites. How-
ever, in contrast to clear evidence that Fe must have been
lost at some sites (depleted FeT/Al), our data set does not
provide unequivocal evidence for the enrichment of such
Fe because the vast majority of samples is not characterized
by negative d56Fe values (as would be expected in euxinic
basins) and partial precipitation of diagenetically released
iron (leading to isotopic enrichments as in OMZ settings)
would be masked by a general enrichment of isotopically
heavy iron sourced by (partial) oxidation from the ferrous
seawater iron reservoir.
An important difference between data from modern
samples and our data set is a significantly larger range in
d56Fe values and FeT/Al ratios in Neoproterozoic shales.
This expanded range testifies to more intense iron cycling
in an anoxic ocean compared to the mostly oxygenated
modern ocean.

6.3. The Neoproterozoic iron isotope record: implications for

the evolution of Earth’s surface environments

Our bulk shale Fe isotope data set (Fig. 1) represents
only the first step towards a global Fe isotope record for
the Neoproterozoic. A small number of samples (n=<10)
were analyzed for most stratigraphic units and the sampled
units come from only three regions. Hence the record and
our interpretations are provisional and likely need to be
revised as new data emerge. Nevertheless, the secular evolu-
tion shown by our data set implies a link to the evolution of
Neoproterozoic surface environments.

The ca. 1050 Ma Siberian samples from the Strelnye
Gory Formation (Fig. 1) on average have negative d56Fe
values, i.e. lighter than the continental crust (+0.09
± 0.05‰; Beard et al., 2003a). However, the data are too
few and too far separated temporally from the remaining
data to draw any robust conclusion as to their significance.
The remaining data can broadly be divided into two stages
(Figs. 1B, 7). Stage 1 comprises all pre-Sturtian units and is
characterized by average d56Fe values of +0.35‰ (�0.31‰
standard deviation; Figs. 1B, 7). This value is heavier than
the continental crust (+0.09 ± 0.05‰) and bulk hydrother-
mal iron (ca. �0.1‰). In contrast, Stage 2 comprises all
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post-Sturtian units, which have average d56Fe values of
+0.15‰ (�0.26‰ standard deviation; Figs. 1B, 7). These
values overlap with the composition of the continental crust
and are slightly higher than the assumed bulk composition
of hydrothermal iron (ca. �0.1‰).

We identify three potential mechanisms to explain the
observed secular Fe isotope record: a change in the isotopic
composition of Fe that sourced the ferrous seawater iron
reservoir; supply-dependent shrinkage of the ferrous seawa-
ter iron reservoir leading to a higher degree of partial oxi-
dation; or an increase in environmental oxygen levels that
led to enhanced partial oxidation.

The isotopic difference between Stages 1 and 2 is �0.2‰
(Figs. 1, 7), suggesting that the bulk composition of Fe sup-
plied to the ocean (ferrous reservoir) must have also been
decreased by �0.2‰ if this mechanism caused the secular
trend. Furthermore, the source must have changed at the
time of the Sturtian glaciation and must have kept the
new composition for at least the remaining sampled Neo-
proterozoic to explain our record (Fig. 1). A decrease of
the bulk isotopic composition of hydrothermally-derived
iron seems unlikely because modern hydrothermal fluids
are relatively homogeneous, despite considerable differences
in fluid chemistry (e.g., Fe/H2S ratios) or spreading rates
(Severmann et al., 2004). Recently, Cox et al. (2016b)
demonstrated a shift in the composition of detrital material
across the Sturtian glaciation with continental weathering
dominated by mafic material before the glaciation and felsic
material in the aftermath of the glaciation. However, this
systematic change in weathering regime unlikely influenced
the isotopic composition of the ferrous seawater iron reser-
voir because igneous rocks only show a very small range of
d56Fe compositions (e.g., Beard et al., 2003a; Dauphas
et al., 2009; Sossi et al., 2016) and riverine iron is efficiently
trapped in near-shore environments (e.g., Boyle et al., 1974;
Boyle and Edmond, 1977; Poulton and Raiswell, 2002).
Therefore, a higher flux of isotopically light iron from con-
tinental shelf sediments to the water column seems to be the
only possible process to systematically lower the isotopic
composition of dissolved Fe(II) in seawater. This inference
implies that more favorable conditions for the release of
isotopically light iron from marine sediments emerged fol-
lowing the Sturtian glaciation and were sustained for the
remaining sampled Neoproterozoic. This would include
increased delivery of amorphous Fe-oxyhydroxides, lower
sulfide and bicarbonate concentrations in marine sediments
to prevent the formation of iron sulfides and ferrous car-
bonate minerals, and more widespread anoxic bottom
waters to permit realease of Fe(II) to the water column. It
is not clear how a systematic change of these requirements
could have been sustained from the Sturtian glaciation to at
least the late Ediacaran (the younger age limit of our data).

Prolonged contraction of the ferrous seawater iron
reservoir following the Sturtian glaciation is another poten-
tial explanation for the observed decrease in d56Fe values
because in this scenario, increased environmental oxygen
levels are not required to oxidize a larger proportion of
the dissolved Fe reservoir. A smaller ferrous seawater iron
reservoir may have been facilitated by the deposition of
iron formation associated with the Sturtian glaciation
(Cox et al., 2013, 2016a), although it is unclear how this
nonrecurring process could have permanently decreased
the mid- to late Neoproterozoic dissolved Fe(II) reservoir,
in particular spanning the following Marinoan global
glaciation, without an accompanying decrease in input
fluxes to that reservoir. Hence, contraction of the oceanic
iron reservoir may potentially be related to less hydrother-
mal activity. This scenario is intuitively inconsistent with
the onset of rifting of the Rodinian super continent about
720 Ma ago (Li et al., 2013), which would be expected to
enhance delivery of hydrothermal iron. On the other hand,
mantle plume activity, another potentially important source
of hydrothermal iron, declined precipitously following
emplacement of the ca. 725–710 Ma Franklin LIP (Cox
et al., 2016b).

The third potential mechanism to reduce the size of the
ferrous iron reservoir is a post-Sturtian rise in atmospheric
oxygen, with enhanced oxidation of the ferrous iron reser-
voir driving the observed decrease in the d56Fe value of
bulk shale. To the degree that the observed decrease in
the average bulk shale d56Fe value of 0.2‰ reflects increas-
ing environmental oxygen levels, our results are consistent
with interpretations based on an Fe isotope data set from
South China that shows a systematic decrease in pyrite
iron-isotopic compositions from 0‰ to +1‰ to values typ-
ical for hydrothermal iron (�0.7‰ to �0.1‰), suggesting a
Cryogenian increase in oxygen levels (Zhang et al., 2015).
Furthermore, a recent compilation of P concentrations in
marine sedimentary rocks demonstrates increasing variabil-
ity and abundance of P in samples deposited after the Stur-
tian glaciation (Reinhard et al., 2017). This increasing P
burial can be explained by decreasing C/P ratios in primary
producers, linked to decreasing importance of an Fe-based
P trap because bioavailable P is effectively scavenged from
an Fe-rich water column through the formation of ferrous
phosphate phases and other P-bearing minerals (Reinhard
et al., 2017). This interpretation is consistent with our Fe
isotope data set, suggesting enhanced oxidation of ferrous
iron in post-Sturtian oceans. A recent U isotope data set
from Cryogenian non-glacial limestones in Mongolia also
indicates post-Sturtian oxygenation (Lau et al., 2017).
However, this study highlights that post-Sturtian oxygena-
tion was likely temporarily restricted with a return to more
widespread anoxic conditions before the onset of the Mari-
noan glaciation (Lau et al., 2017). The view of a dominantly
anoxic mid-Neoproterozoic ocean is consistent other data
sets, namely iron speciation, sulfur isotopes, and redox-
sensitive trace element data, which together imply that oxy-
genation or oxygenation events of the Neoproterozoic
ocean were a post-Cryogenian phenomenon (Partin et al.,
2013; Kunzmann et al., 2015, 2017; Sperling et al., 2015;
Sahoo et al., 2016). The discrepancy between our Fe isotope
data set and these studies highlights the need to better
understand not only possible short-lived oxygenation
events in an otherwise anoxic late Neoproterozoic ocean
(Sahoo et al., 2016; Miller et al., in press), but also the fun-
damental controls on each individual paleoredox proxy and
its sensitivity to ambient redox. Such advances will require
calibration of proxies in modern environments (e.g.,
Severmann et al., 2008; Busigny et al., 2014) and will be
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informed both by constraints on individual fluid-mineral
fractionation factors and results of diagenetic and mass bal-
ance modeling. Furthermore, our Fe isotope results only
allow qualitative interpretations about first-order changes
in oceanic redox conditions and atmospheric oxygen levels.
Significant variations in the isotopic composition of indi-
vidual post-Sturtian shales demonstrate redox heterogene-
ity and are consistent with recent models of an overall
anoxic Ediacaran deep ocean with fluctuating redox condi-
tions (Kendall et al., 2015; Sahoo et al., 2016).

7. CONCLUSION

The data set presented here is the first step towards a
bulk shale Fe isotope record for the Neoproterozoic. Iso-
topic modeling suggests that fractionation associated with
the (partial) oxidation of the ferrous seawater iron reser-
voir is much more important in setting the isotopic com-
position of shales than diagenetic iron cycling. However,
FeT/Al and d56Fe relationships also demonstrate a
second-order contribution of diagenetic iron cycling and
benthic iron shuttling. Nevertheless, the dominance of
water column iron cycling on the Fe isotopic composition
of marine shales permits a qualitative evaluation of the
evolution of surface environments in the Neoproterozoic.
Our Fe isotope record can be divided into two stages.
Stage 1 encompasses samples deposited before the
717–660 Ma Sturtian glaciation and is marked by an aver-
age d56Fe value of +0.35‰ (�0.31‰ standard deviation).
In contrast, stage 2 samples postdate the Sturtian glacia-
tion and have an average d56Fe composition of +0.15‰
(�0.26‰ standard deviation). Potential mechanisms to
explain this secular trend include a change in the isotopic
composition of iron that sourced the ferrous seawater iron
reservoir of the Neoproterozoic ocean; constant environ-
mental oxygen levels but a shrinking ferrous iron reservoir
(i.e., decreasing supply), which led to a larger degree of
partial oxidation of this reservoir; and increasing environ-
mental oxygen levels that induced a larger degree of par-
tial oxidation of the dissolved Fe(II) pool. Favoring the
latter explanation, our data suggest a shift in the mode
of iron cycling in the marine realm linked to overall
increasing oxygen levels after the 717–660 Ma Sturtian
glaciation, although significant variation in the isotopic
composition of individual post-Sturtian units suggests
redox heterogeneity and a possible dominantly anoxic
deep ocean. Whereas the latter conclusion is consistent
with recent studies suggesting an overall anoxic Ediacaran
deep ocean (Sperling et al., 2015; Kendall et al., 2015;
Sahoo et al., 2016), the notion of an overall increase in
environmental oxygen levels is an unexpected result. This
highlights that reconciling the Fe isotope record with
other paleoredox data requires better understanding of
the fundamental controls on different redox proxies and
their sensitivity to incremental changes in environmental
redox conditions. Furthermore, it demonstrates the need
to quantify atmospheric oxygen levels, since inconsistent
constraints drawn from different proxies might be recon-
cilable if we better understand what oxygen thresholds
lead to non-linear responses in certain proxies.
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